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a b s t r a c t

We have calculated the mineralogical properties of the Earth’s mantle and the lithological units

constituting the subducting oceanic slabs within a wide range of P–T conditions within the

CaO–FeO–MgO–Al2O3–SiO2 system, except for the basalt top-layer of a slab, for which the system is

extended to include Na2O. The mineralogical data are then converted, using the appropriate P–V–T rela-

tions, to bulk densities. The calculated adiabatic density vs. depth profile of the mantle between 200 and

725 km depths is in good agreement with geophysical and experimental data. The density data of the dif-

ferent compositional units are combined with calculated thermal structures for a variety of slab–mantle

systems to construct equilibrium density profiles as a function of depth. The mean equilibrium densities

of the slabs within the transition zone (400–660 km depth) are found to be ∼0.04–0.05 g/cm3 greater than

those of the ambient mantle within the same depth interval. For the entire upper mantle, density differ-

ences between slabs and ambient mantle are slightly less, but the slabs still remain denser than the latter.

At 670 km depth, slabs have lower density than the ambient lower mantle because of the commencement

of perovskite forming reactions within the mantle, and displacements of these reaction boundaries to

higher pressures within the slabs as a consequence of their negative P–T slopes. If perovskite forming

reactions within slabs are hindered for kinetic sluggishness, then neutral buoyancy would be achieved

when the slabs have penetrated ∼100 km into the lower mantle. However, using the available data on the

kinetics of spinel to perovskite plus periclase reaction, we conclude that the reaction would go to comple-

tion in a Peru-type young slab (41 Myr), and very likely also in a Tonga-type old slab (110 Myr), before these

penetrated 100 km into the lower mantle. Thus, slabs should always remain negatively buoyant, and there-

fore continue to subduct through the lower mantle once it penetrates through the 660 km discontinuity.

Despite a negative buoyancy force, a slab could deflect at the top of the lower mantle (660 km) because

of factors resisting subduction, namely viscosity jump, low dip angle, slab roll back, and metastable per-

sistence of olivine in cold slabs. If published scale model experiments represent realistic approximations

of the factors affecting plate subduction, then according to our density data, any slab with a dip angle of

≤40–50◦ would bend at the 660 km discontinuity if there is a viscosity jump of at least by a factor of ∼10

and trench migration. The basalt top-layer of a slab is denser than other slab components and the ambient

mantle at all depths to 660 km, and therefore should continue to sink into the lower mantle, especially if a

slab directly penetrates the 660 km barrier, instead of peeling off in the transition zone to form a “perched

eclogite” or “piclogite” layer, as previously proposed. The harzburgite layer, which is sandwiched between

denser basalt and lherzolite layers, faces greater resistance to subduction, especially in a young slab, and

thus could significantly contribute to the deformation of a slab near the 660 km discontinuity.
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1. Introduction

It is commonly accepted that the 660 (±10) km deep seis-

mic discontinuity in the Earth’s mantle, which defines the top of

lower mantle, is primarily due to the ringwoodite (Rng) to Mg-

perovskite (MgPv) plus magnesiowüstite (Mg–Wu) transformation.
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Experimental data between 1000 and 2000 ◦C show the P–T slope

of this transition to be negative, with estimates varying between

−30 bar/K (Ito and Takahashi, 1989) and −13(±3) bar/K (Katsura

et al., 2003; Fei et al., 2004). Since the interior of a subducting

oceanic slab is colder than the ambient mantle at the same depth,

the negative P–T slope of the transition implies Rng to MgPv plus

Mg–Wu transformation at a greater depth within a slab than in

the ambient mantle. This has led to the idea that the density of

the slab at ∼660 km depth is lower than that of the ambient man-

tle, thereby opposing or even preventing the slab’s descent into

the lower mantle (e.g. Ringwood, 1994; Davies, 1999). Seismic

tomographic images, however, show both deflection of slabs at the

660 km depth and penetration to greater depths (e.g. van der Hilst

et al., 1991; Grand et al., 1997). Understanding of balance of forces

that control the fate of subducting slabs at the top of the lower

mantle requires a comprehensive analysis of the density structure

taking into account the effects of all important phase transforma-

tions in the slab–mantle system, rather than only the effect of Rng

to MgPv + Mg–Wu transformation. Davies (1999) called attention to

the possibility that the effect of the Rng to MgPv + Mg–Wu transfor-

mation on the buoyancy force of a slab may be significantly counter-

balanced by other phase transformations with positive P–T slopes,

and thus emphasized the need for calculations in the multicompo-

nent and multiphase system. Also, inasmuch as the primary driving

force for plate subduction comes from the negative buoyancy force

on slabs (e.g. Forsyth and Uyeda, 1975; Hager, 1984), a comprehen-

sive analysis of the buoyancy force taking into account the effects

of thermal structure and mineralogical reactions in systems, which

closely approximate the natural systems, constitutes an important

step in our understanding of the dynamics of plate motions.

Ringwood (1982) suggested that an oceanic slab of ∼80 km

thickness is lithologically stratified with an upper ∼6 km of basalt,

followed successively downward by ∼24 km layer of residual

harzburgite, ∼10 km layer of residual lherzolite and ∼40 km layer of

slightly depleted pyrolite. The last three components represent the

residues left after different degrees of partial melting of pyrolitic

mantle rock and extraction of basalt, with harzburgite being the

most refractory component. Hoffmann and White (1982) proposed

that the basaltic crust of a slab has a greater density than the mantle

throughout its entire depth, and consequently it should separate

from the associated refractory lithosphere and sink, perhaps all

the way to the core-mantle boundary, thereby forming a layer of

“degenerate crust”. They envisioned this buried crustal layer to be

the source of mantle plumes. Anderson (1989), on the other hand,

suggested that the basaltic crust becomes lighter than the pyrolitic

mantle at the 660 km discontinuity, and is thus trapped during sub-

duction to form a “perched eclogite layer”. This viewpoint was later

supported by Irifune and Ringwood (1993) on the basis of their

experimental data and calculation of the zero pressure density

(1 bar, 298 K) of the assemblages observed in their experimental

products at high P–T condition. However, using results from in situ

determination of mineralogical transformations in basalt, Litasov

et al. (2005) concluded that there is no density cross-over between

the basaltic component of a cold slab and surrounding mantle at the

660 km depth, and consequently, the basaltic component should

penetrate into the lower mantle.

In this work, we have taken a computational thermodynamic

approach to the problem of density structure of the slab–mantle

system within and around the transition zone, and present the

details of density variation within the different lithological com-

ponents as a function of temperature at pressures corresponding

to 200–800 km depth, rather than zero-pressure densities as in the

most earlier studies. We also calculate the thermal structures of

selected slabs, and integrate the data with the results of the thermo-

dynamic calculations to develop a comprehensive understanding of

density variations within and around slabs of widely differing ages,

vertical descent rates and subduction angles.

2. Thermodynamic calculations

2.1. Data and methodology

We take the compositions of the following rock types to repre-

sent the major element bulk chemistries of the different lithological

units of an 80 km thick slab (Fig. 1): Grt-lherzolite from Kilborne

Hole (KH), New Mexico (Takahashi, 1986), for the slightly depleted

pyrolite (lowest 40 km) and residual lherzolite (10 km) layers, ophi-

olitic harzburgite (Brown and Mussett, 1981) for the residual

harzburgite component, and the average between oceanic-basalt

(Brown and Mussett, 1981) and mid-ocean ridge basalt (MORB;

Ringwood and Irifune, 1988) for the top basalt layer of a slab. The

major element compositional distinction between residual lherzo-

lite and slightly depleted pyrolite is minor in terms of its effect on

the density structures of these units. The bulk composition of the

ambient mantle is assumed to be given by the average of three com-

positions, namely (a) the pyrolite model composition of Ringwood

(1982), (b) mantle composition based on the assumption of aver-

age solar system abundance ratios for the whole Earth (Palme and

O’Neill, 2003) and (c) composition of KLB-1 peridotite (Takahashi,

1986). The system CaO–FeO–MgO–Al2O3–SiO2 (CFMAS) consti-

tutes ∼99 wt% of KH-lherzolite and ophiolitic harzburgite, ∼98 wt%

of assumed ambient mantle composition and ∼95 wt% of the aver-

age of oceanic basalt and MORB. Thus, for the purpose of phase

equilibrium calculations, the system CFMAS is considered to be an

adequate representation of the major element compositional space

of the different lithologic units, except for basalt. For the latter,

we include Na2O as an additional component. The Na2O-CFMAS

or NCFMAS constitutes ∼97 wt% of the composition of the adopted

basalt composition. All compositions are normalized within the

respective subsystems, and summarized in Table 1. We mention at

the outset that compositional variations within the proposed limits

of the different lithologic units do not have any significant effect on

the density structures of the slab–mantle system that are deduced

below.

All thermodynamic data used in the calculations carried out in

this study have been uploaded in a web page that can be accessed

using the link http://cesmec.fiu.edu/data/thermodata01.txt. Except

for Ca-perovskite (CaPv), the end-member thermodynamic proper-

ties are taken from the updated and internally consistent data base

Fig. 1. Schematic representation of the different lithologic units that are assumed to

constitute an approximately 80 km thick oceanic slab. The acronyms connected to

the units indicate chemical systems that are used to represent the bulk compositions.

The numbers beside the acronyms indicate the wt% that these systems constitute of

the total chemical systems in the different units. N: Na2O; C: CaO, F: FeO, M: MgO,

A: Al2O3 , S: SiO2 .

http://cesmec.fiu.edu/data/thermodata01.txt
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Table 1

Compositions of lithologic units in wt%. Additional components are neglected.

Average mantle Normalized CFMAS Ophiolitic Harzb Normalized CFMAS KH-lherzol Normalized CMAS Average basalt Normalized NCFMAS

SiO2 45.96 45.44 42.30 42.47 44.48 45.01 48.40 49.29

Al2O3 4.16 4.20 0.50 0.50 3.59 3.63 15.30 15.58

FeO 8.07 8.15 7.10 7.13 8.10 8.20 9.50 9.67

MgO 38.26 38.67 49.60 49.80 39.22 39.68 11.40 11.61

CaO 3.50 3.53 0.10 0.10 3.44 3.48 11.50 11.71

Na2O 2.10 2.14

Total 98.95 100.00 99.60 100.00 98.83 100.00 98.20 100.00

CFMAS: CaO–FeO–MgO–Al2O3–SiO2; NCFMAS: Na2O-CFMAS; Harzb: harzburgite; lherzol: Lherzolite.

of Fabrichnaya et al. (2004) that are well suited to high P–T cal-

culations. The thermodynamic data have been derived by global

optimization of a large number of experimental data on phase

equilibria along with the available thermochemical and thermo-

physical properties. The success of this optimized data base in

reproducing experimentally determined phase relations have been

demonstrated by Fabrichnaya (1998, 1999).

The CaPv properties are retrieved from the experimentally

determined phase relations in the system CaO–MgO–SiO2 (Akaogi

et al., 2004), assuming that it has the same Cp vs. T relation as

wollastonite (Fabrichnaya et al., 2004). The retrieved CaPv prop-

erties are internally consistent with the data of other end-member

phases in Fabrichnaya et al. (2004) that have been used in this study.

Kojitani et al. (2001) estimated the enthalpy of formation from

oxides, �Hf,o, of CaPv from extrapolation of heat of solution data for

the compositional range X(CaSiO3) = 0–0.30 in the CaSiO3–CaGeO3

binary join. From these data, we obtain heat of formation from

elements, �Hf,e(1 bar, 298 K) = −1530.17 (±8.82) (±2�), kJ/mol, as

compared to our optimized datum of −1551.60 kJ/mol.

Stixrude et al. (2007) have recently calculated the stability field

of CaSiO3 perovskite at high pressure using density functional the-

ory and predicted that cubic perovskite should transform to a

tetragonal form at high pressure, and that the phase transition

should have a positive P–T slope. The calorimetric data of Kojitani

et al. (2001) and phase relations of Akaogi et al. (2004), from which

we retrieved the thermodynamic properties of CaSiO3 perovskite,

pertain to perovskite of cubic symmetry. However, part of the P–T

conditions within a slab, as discussed later, fall within the pro-

posed field of stability of the tetragonal polymorph. Our density

calculations for the slab P–T conditions are, however, based on the

properties of cubic Ca-perovskite. If indeed the stable phase at these

conditions is the denser tetragonal form, then the densities of the

slab components would be somewhat higher than what we calcu-

late, and thus support the qualitative conclusions that we finally

arrive at about the penetration of the slab into the lower mantle.

The thermodynamic mixing properties of various components

in different phases are taken from several sources, and approx-

imated when direct data are lacking. The sources of data are:

Ganguly and Saxena (1987), Saxena et al. (1993) and Wood (1979)

for pyroxenes; Elkins and Grove (1990) for plageoclase feldspar,

Ganguly et al. (1996) for aluminosilicate garnets, and Fabrichnaya

et al. (2004) for the rest of the phases, except for majoritic garnet

solid solution.

The mixing property of majoritic garnet is treated in terms

of four end-member components, namely, pyrope, alman-

dine, grossular and Mg-majorite, VIII(Mg)3
VI(Mg0.5Si0.5)2

IV(Si)3O12.

Vinograd et al. (2006) have deduced the mixing property of

pyrope and Mg-majorite components from static energy calcula-

tions. From their data, we find that the enthalpy of mixing in this

join can be approximated in terms of a symmetrical solution model,

�Hmix = Ao(H)XPyrXMg-maj, for the compositional range of interest in

the mantle mineralogy, with Ao(H) = 5–9 kJ/mol on 4-oxygen basis

per formula unit. These values are compatible with the calorimet-

ric data of Saikia et al. (2007) if one ignores one datum at the

pyrope-rich end. The entropy of mixing between Mg-majorite and

Pyrope is assumed to be ideal. The Grs-Fe-majorite and Grs-Mg-

majorite interactions are assumed to be the same as Grs-Alm and

Grs-Prp interactions, respectively, in the ordinary aluminosilicate

garnets. The remaining interactions in the garnet solid solution,

which are among the aluminosilicate components, are assumed to

be the same as in the aluminosilicate garnet solid solution model of

Ganguly et al. (1996). Our entropy of mixing calculation implicitly

assumes that there are no significant octahedral cations in majoritic

garnet other than Mg and Al. A small amount of Fe2+ cation is also

likely to be present in the octahedral sites, thereby slightly raising

the entropy of mixing. There are, however, no data on site occupan-

cies that are needed to account for this effect. To test the sensitivity

of the results of our calculations to the mixing property of majorite

garnet, we varied Ao(H) between 0 and 9 kJ/mol for the majorite-

pyrope binary join, and found no significant effect on the density

value or garnet composition.

When adequate data are lacking for the mixing of a ferrous end-

member component in a phase, it is taken to be the same as that

of the corresponding Mg end member, as Fe and Mg typically mix

with only a small positive deviation from ideality in rock form-

ing minerals (Ganguly and Saxena, 1987). The Fe2+–Mg interaction

is assumed to be ideal when the required data are not available.

For the lack of thermodynamic data on the Mg- and Al-perovskite

components with CaPv structure, we have treated the Ca-rich per-

ovskite phase as a stoichiometric compound. However, according

to the data of Litasov et al. (2005), a small amount of the above

components (5–6 mol% Mg and 2–3 mol% Al) substitute in CaPv.

All solid solutions are treated in terms of the two parameter

Guggenheim polynomial (also known as Redlich-Kister polyno-

mial) representation of excess Gibbs free energy of mixing, �Gxs

(e.g. Ganguly and Saxena, 1987), except for the aluminous per-

ovskite, for which we used the mixing property data of Fabrichnaya

(personal communication) that are formulated in terms of the com-

pound energy or sublattice model (Hillert, 1998).

For the NCFMAS system used for oceanic basalt, we assumed

that Na substitutes only in plageoclase and clinopyroxene, which

are by far the major carriers of these components among the

potential phases in a basalt composition. The jadeite component

in clinopyroxene is assumed to mix ideally as we lack adequate

data on the mixing properties between the jadeite and other

components in clinopyroxene. However, the experimental data

on the mixing property in binary jadeite–diopside join (Holland,

1980) may be closely approximated by a pseudo-ideal mixing

behavior of the macroscopic components NaAlSi2O6 (jadeite: Jd)

and CaMgSi2O6 (diopside: Di) (Ganguly and Saxena, 1987). Thus,

it is very unlikely that the assumption of ideal mixing of the Jd

component in clinopyroxene has any significant effect on the

calculation of density of basaltic bulk composition as a function

of pressure and temperature, especially considering that there is

only 2.2 wt% Na2O in the system. A small amount of Na would be

incorporated in garnet at high pressure (Gasparik, 2000; Bobrov
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and Litvin, 2008). The problem of partitioning of Na between garnet

and clinopyroxene cannot be addressed at the present stage for

the lack of adequate thermodynamic data. However, transferring a

small amount of Na from high-pressure clinopyroxene to garnet is

most unlikely to have any significant effect on the density structure

of the basaltic component of a slab.

The different binary joins in a multicomponent solid solution

have been combined according to the “shortest distance” method.

In this method, the �Gxs of a multicomponent solution represents

the sum of those at the bounding binaries, the compositions of

which are obtained by normal projections from the composition

in the multicomponent space. As discussed by Cheng and Ganguly

(1994), this is, in general, a better method of estimating proper-

ties of multicomponent solution from those of the bounding binary

joins, if one wishes to avoid the complications of ternary and higher

order interactions. Overall, our calculations have been carried out

with more detailed consideration of thermodynamic mixing prop-

erties of different phases than what seems to have been attempted

so far in the computations of mantle mineralogy.

In thermodynamics, the equilibrium state of a system at a fixed

P–T condition is given by the state of lowest Gibbs free energy,

G. Thus, in each bulk composition, the equilibrium composition

and modal abundance of minerals are calculated simultaneously

by minimizing GP,T of the system, subject to bulk compositional

constraints. The thermodynamic basis and numerical logic of the

algorithm have been discussed in a series of pioneering papers by

Eriksson and co-workers (e.g. Eriksson and Rosén, 1973; Eriksson,

1975), and the algorithm itself has been used in numerous compu-

tations in the fields of materials sciences and chemical engineering,

and also in several earlier studies in the Earth and planetary sci-

ences, such as Saxena and Eriksson (1983), Saxena and Eriksson

(1986) and Saxena (1996).

The bulk density of a stable mineral assemblage is calcu-

lated from their modal abundances and equations of state (EoS)

data for the end-members (Saxena et al., 1993; Fabrichnaya et

al., 2004), assuming that the density of a mineral solid solution

is given by a linear combination of the end-member densi-

ties (ideal volumetric behavior). The P–V relations have been

treated with the second order Birch–Murnaghan EoS formula-

tion (Birch, 1952). Further details about the formulations of P–T

dependence of volumetric properties can be found in Saxena

et al. (1993) and Fabrichnaya et al. (2004). The mineral phases

included in the G minimization scheme are Mg–Fe olivine (Ol),

Mg–Fe–Al–Ca orthopyroxene (Opx), Mg–Fe–Ca–Al high- and low-

pressure clinopyroxenes (HpCpx and LpCpx), plagioclase (Plag),

Mg–Fe–Ca garnet/majorite (Grt, Mj-Grt), Mg–Fe spinel (Spnl),

Mg–Fe wadsleyite (Wads), Mg–Fe ringwoodite (Rng), Mg–Fe–Al

ilmenite or akimotoite (Ilm), Mg–Fe–Al perovskite (MgPv), Ca-

perovskite (CaPv), magnesiowüstite (Mg–Wu), stishovite (Stv) and

all rock-forming pure minerals in the CaO–MgO–FeO–Al2O3–SiO2

system.

2.2. Adiabatic density structure of the mantle

To test the validity of the density data obtained from free energy

minimization calculations, we first calculate the adiabatic density

profile of the mantle within the depth interval of 200–800 km

and compare the data with the densities given in the Prelimi-

nary Reference Earth Model or PREM (Dziewonski and Anderson,

1981)) and also with the density profile calculated by Litasov et

al. (2005) from their high P–T experimental phase equilibrium

data for pyrolite bulk composition (Fig. 2). The latter workers

calculated the densities along a mantle adiabat using available

thermo-physical properties of mantle minerals and the third-order

Birch–Murnaghan equation of state (Birch, 1952).

Fig. 2. Calculated density vs. depth in the Earth’s mantle along an adiabatic

(isentropic) P–T profile and comparison with the data in PREM (Dziewonski and

Anderson, 1981) and the experimental data of pyrolite along a mantle adiabat

(Litasov et al., 2005). Some of the critical minerals with major influence on the

density jumps are indicated within the different fields. Ol: olivine, Mj-Grt: majoritic

Garnet, HpCpx: high-pressure clino-pyroxene, Opx: orthopyroxene, Wads: wads-

leyite (�-Mg2SiO4), Rng: Ringwoodite (�-Mg2SiO4), MgPv: Mg-perovskite, CaPv:

Ca-perovskite, Mg–Wu: magnesiowüstite.

On the basis of the thermo-chemical and -physical parameters

from Saxena et al. (1993) for mantle minerals, we calculate an adi-

abatic gradient of 0.64 ◦C/km for an upper mantle composed of

60 vol% olivine, 20 vol% orthopyroxene, 10 vol% garnet and 10 vol%

clinopyroxne, using the well known relation (∂T/∂Z)S = �g/Cp,

where S stands for the entropy, ˛ for the coefficient of thermal

expansion, g for the acceleration due to gravity, and Cp for the spe-

cific heat capacity at constant pressure. For both ˛ and Cp of an

assemblage, we used the weighted average values of the constituent

minerals. A change of ∼5% of the modal abundance of the minerals

does not have any significant effect on the adiabatic temperature

gradient. Calculation of the density profile at 1300 ◦C shows very

good agreement with the PREM density at 200 km depth. Thus,

we assume that at this depth, the average mantle temperature is

1300 ◦C, and thereby construct an adiabatic profile down to 800 km

depth. This exercise yields 1594 ◦C at 660 km depth. Where there

are major phase transitions such as at 400 and 660 km depths, the

adiabatic (isentropic) thermal profile must have sharp tempera-

ture changes to compensate for the change of entropy due to phase

transitions so that the net entropy is conserved (Saxena, 1996).

However, these temperature changes (∼40 ◦C) are not large enough

to cause significant density changes.

Overall, our calculated adiabatic density profile of the mantle is

in good agreement with the PREM density profile. The main differ-

ences between our calculated and PREM data are (a) the degree of

sharpness of the density jump at 400 km depth, (b) a small den-

sity jump in our calculations at 500 km depth, while such a jump

is absent in PREM, and (c) the magnitude of the density jump at

660 km depth. However, our results for the degree of sharpness of

the 400 km discontinuity and magnitude for the 660 km disconti-

nuity are permissible by seismic data (Lawrence and Shearer, 2006).

At 500 km depth, PREM does not show any effect of the phase trans-

formation between the Mg2SiO4 polymorphs, wadsleyite (Wads)

and Rng. The phase transformation must be global, but it is not

detected seismically everywhere, likely due to limitations in the

resolution of the seismic techniques used to develop the PREM

model (e.g., Lawrence and Shearer, 2006).

Our calculated density data are in good agreement with the adi-

abatic pyrolite (Ringwood, 1982) densities determined by Litasov

et al. (2005) around the 660 km discontinuity. Their data also show

a smaller density jump at 660 km depth than that in the PREM. The

larger density jump in PREM relative to that found in this study
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and by Litasov et al. (2005) for a homogeneous mantle model may

be partly due to compositional difference between the upper and

lower mantles, a concept that has been discussed repeatedly in the

literature (e.g. Christensen and Yuen, 1984; Griffiths and Turner,

1998). The flattening of the density profile between 600 and 660 km

shown in PREM is in contrast to the adiabatic density profiles cal-

culated in this study and by Litasov et al. (2005).

The degree of overall agreement of our calculated adiabatic

mantle density profile with PREM and that of Litasov et al. (2005)

suggests that our computational approach yields reliable density

data in the CFMAS system at the P–T conditions of the Earth’s

upper mantle and the transition zone. The relative densities of

the different lithological units should be even better since all den-

sity calculations are based on the same thermodynamic data base

and computational procedure. The molar abundances of the phases

along the mantle adiabat are shown in Fig. 3. Our calculations do not

show the presence of ilmenite (akimotoite) along an average man-

tle adiabat. This rather surprising result is, however, in agreement

with the calculations of the adiabatic mantle mineralogy, based on

a pyrolite model, by Ricard et al. (2005).

3. Thermal structures of slabs

We calculate thermal structure within and around a downgoing

slab (Fig. 3) using a finite difference algorithm (McKenzie, 1969;

Toksöz et al., 1973) that has been widely used in slab thermal mod-

eling studies (e.g., Stein and Stein, 1992; Kirby et al., 1996; Bina

and Navrotsky, 2000). Calculation of slab thermal structures lead

to a range of geotherms depending on the various assumptions

employed. Here our objective is not to provide a definitive ther-

mal profile for any particular slab, but to explore a general range

Fig. 3. Molar percentage of minerals as a function of depth along the mantle adiabat

(Fig. 8) for the average mantle bulk composition, as calculated in this work. The

symbols indicate the P–Z conditions of calculations.

of plausible geotherms that develop due to variation of subduction

parameters and ages characterizing the coldest (older, faster) to the

warmest (younger, slower) slabs.

Before an oceanic lithosphere reaches the trench, its ther-

mal structure is defined using the GDH1 thermal plate model

(Stein and Stein, 1992), which reaches steady state at an age of

∼70 Myr. We assume the material properties to be independent

of P–T condition within the range typically used in thermal model-

ing studies (Cp = 1.17 kJ/kg K; K (thermal conductivity) = 3.14 W/m K;

˛ = 3.1 × 10−5 K−1), a lithospheric thickness of 95 km and a basal

temperature of 1450 ◦C (e.g., Kirby et al., 1996). Isotherms within

the slab are advected downward during subduction, heated by

conduction from a hotter mantle, reaching a maximum depth pro-

portional to the product of the vertical descent rate and age. Known

as the thermal parameter (TP) (e.g., Weins and Gilbert, 1996), this

Fig. 4. Calculated thermal profiles of the (a) Tonga- and (b) Peru-type slab–mantle systems as function of depth, and (c) thermal profiles at 670 km depth of four different

slabs with wide range of ages at the trench (41–155 Myr), vertical descent rate (4.4–10.7 cm/yr) and average subduction angles (35–64◦). Note that the thermal profiles of the

Tonga- (110 Myr) and Peru-type (41 Myr) slabs represent the extreme limits.
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product is a convenient parameter for comparing the temperatures

of various slabs as function of depth.

To understand the effect of slab age and other subduction

parameters, we calculate the thermal structures of four slabs and

the surrounding mantle environments. The chosen slabs along

with their parenthetical properties (Weins and Gilbert, 1996)

indicating age at the trench, vertical descent rate, Vz, average sub-

duction angle, �, and TP are (a) Tonga (110 Myr, Vz = 15.5 cm/yr,

� = 53◦, TP = 17,050 km); (b) Marianas (155 Myr, Vz = 5.9 cm/yr,

� = 64◦, TP = 9145 km); (c) Izu-Bonin (145 Myr, Vz = 4.7 cm/yr,

� = 51◦, TP = 6815 km) and (d) Peru (41 Myr, Vz = 4.4 cm/yr, � = 35◦,

TP = 1800 km). For Tonga, we use a higher value of TP (Kirby et

al., 1996) so that its calculated thermal structure represents a cold

end-member model.

We find that the computed thermal structures of Tonga and

Peru (Fig. 4), which have the largest and smallest values of TP,

respectively, represent end-member thermal conditions among the

chosen set of slabs that encompass a wide range of age and subduc-

tion parameters, with Tonga being the coldest and Peru being the

warmest. Our thermal profile of the Tonga slab (Fig. 4a) is virtu-

ally identical to that published by Kirby et al. (1996), who used

the same numerical code and identical model parameters as used

in our work. Fig. 4c shows the temperature profiles of Tonga, Izu-

Boni, Marianas and Peru as function of horizontal distance from the

top of each slab at the 670 km depth, which is roughly the depth of

seismic discontinuity defining the top of the lower mantle.

We choose the thermal structures of Tonga and Peru to evaluate

the effect of large variation of age and subduction parameters on the

density structures of the slab–mantle systems. It should be noted

that the illustrations in Fig. 4 are simplified first-order represen-

tations of the thermal structures of the specific slabs, since there

are changes of slab geometries with depth, and additional com-

plications resulting from variations of physical properties, mantle

convection, feedback of the enthalpy change of mineral reactions

etc. that could influence the details of the thermal structures. These

calculations are meant to illustrate approximate limiting thermal

models for slabs with large variation of age at the trench, vertical

velocity and average subduction angle. Thus, instead of saying ther-

mal structures of Tonga and Peru slabs, we would henceforth refer

to the calculated thermal structures as those of Tonga-type (old)

and Peru-type (young) slabs.

4. Density profiles of slabs within and around the

transition zone

We first combine the results of the calculation of densities of

different lithologic units as function of P and T with the thermal

structures of the Tonga- and Peru-type slabs to develop the den-

sity profiles of the slab–mantle systems at selected depths within

and around the transition zone (400–670 km depth). Based on the

density and thermal profiles illustrated in Figs. 2 and 4, we choose

370 km (12.6 GPa), 500 km (17.4 GPa) and 670 km (23.8 GPa) to eval-

uate the effects of phase transformations on the density contrast

between a slab and the surrounding mantle. For the first two depths,

transformations to denser assemblage take place within the slabs,

but not in the ambient mantle, whereas the reverse is true for the

670 km depth. In addition, we select 640 km (22.6 GPa) and 700 km

(25.1 GPa) depths to evaluate the effects of downward deflection of

thermal profiles within a slab (Fig. 4) on its density profile. The rela-

tionship between pressure and depth is obtained from the PREM

(Dziewonski and Anderson, 1981).

The composite density (�) profiles at 370 and 670 km, which rep-

resent depths near the top and bottom of the transition zone, are

illustrated in Fig. 5 for the Tonga- and Peru-type slabs. In this figure

and elsewhere we use the terms basalt, harzburgite and lherzolite

Fig. 5. Calculated equilibrium density profiles in two lithologically stratified slabs,

(a) Tonga-type (110 Myr at the trench) and (b) Peru-type (41 Myr at the trench), and

the surrounding mantle at the 370 km and 670 km depths as function of distance

from the top of the slabs. TPM: thermally perturbed mantle layer near a slab (see

Fig. 3).

to denote specific bulk compositions, and not the rock types, and

TPM to denote the thermally perturbed mantle near a slab (Fig. 4).

Despite large difference for the age at the trench, subduction angle,

and vertical descent velocity, the density profiles of the two slabs

are quite similar, except that at the 370 km depth, the harzbur-

gite layer in the young Peru-type slab is significantly lighter than

that in the Tonga-type slab. This difference between the density

of harzburgite in the two types of slabs is mainly due to the pro-

gressive decrease of wadsleyite to olivine ratio from ∼99 to 1 as

the temperature increases from 600 to 950 ◦C, which correspond

approximately to the temperature minimum in the Tonga-type and

Peru-type slabs, respectively (Fig. 4).
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Fig. 6. Calculated equilibrium density profiles of Tonga-type (110 Myr at the trench)

slab and surrounding mantle at 500, 640 and 700 km depths.

Fig. 6 shows the density profiles of the Tonga-type slab at 500,

640 and 700 km depths. The density profiles in the Peru-type slab

at these depths are similar, despite a difference of ∼300 ◦C between

the thermal minima within the two slabs. This is because of weak

temperature effect on the density of mantle minerals at high pres-

sures (Saxena et al., 1993). Temperature difference between the

slabs causes significant difference in the density structure only

when it leads to a difference in the phase assemblages, such as at

the 370 km depth for the Tonga- and Peru-type slabs (Fig. 5a and b).

The basalt layer of the slab is omitted at 700 km depth since

relatively Al-rich Mg-perovskite and additional new high-pressure

phases appear in basalt at ∼720 km depth (Hirose et al., 1999)

for which we do not have adequate thermodynamic data for free

energy minimization calculations. It should be noted that the ther-

mally perturbed mantle adjacent to a slab is heavier than the

ambient mantle at all depths, except at 670 km. Similar to the slabs,

the TPM at the 670 km is lighter than the ambient mantle. The lower

density of a slab and TPM at this depth is due to negative P–T slopes

of perovskite forming reactions.

We illustrate in Fig. 7 the molar percentages of phases as func-

tion of depths along thermal profiles approximately at the centers

of the different lithologic units within the Tonga-type slab. These

thermal profiles, along with the mantle adiabat, are illustrated in

Fig. 8. The sequence of appearance and coexistences of olivine,

wadsleyite and ringwoodite may be understood by comparing the

thermal profiles with the P–T stability diagram of these phases in

Fig. 7. Molar percentage of minerals in (a) basalt, (b) harzburgite and (c) lherzo-

lite bulk compositions along three thermal profiles within theTonga-type slab that

are approximately half-way into the respective lithologic units, as illustrated in

Fig. 8. The symbols indicate the P–Z conditions of calculations. LpCpx: low pressure

clinopyroxene, Stv: Stishovite. Other abbreviations: as in Fig. 2.

the Fe2SiO4–Mg2SiO4 system (Vacher et al., 1998; Gasparik, 2003).

Fig. 9 shows the density profiles of the different components of the

Tonga-type slab and ambient mantle as function of depth.

It is obvious that in the above discussion of density and phase

assemblage evolution, we have treated both cold and young slabs

Fig. 8. Average adiabatic thermal profile of the Earth’s mantle and thermal profiles

nearly at the centers of different lithologic units of the Tonga-type slab.



264 J. Ganguly et al. / Physics of the Earth and Planetary Interiors 172 (2009) 257–267

Fig. 9. Comparison of the density profile of the ambient mantle with those of the

different lithologic components of the Tonga-type slab along the thermal profiles

illustrated in Fig. 8.

as completely anhydrous. However, as pointed out by Bose and

Ganguly (1995), and subsequently re-iterated by other workers (e.g.

Bose and Navrotsky, 1998; Komabayashi and Omori, 2006), dense

hydrous magnesium silicates (DHMS) would form from serpentine

at the top part of a Tonga-type cold slab. These DHMS phases may

make a cold slab somewhat heavier than what we calculate.

5. Penetration of the slabs into the lower mantle

5.1. The depth to neutral buoyancy

Fig. 10 shows the density of ambient mantle, mean densities

of the Tonga (old)- and Peru (young)-type slabs and their least

dense and most dense lithological components, namely harzbur-

gite and basalt, respectively, as function of depth between 370 and

730 km, assuming attainment of thermodynamic equilibrium. The

Fig. 10. Mean equilibrium density vs. depth of (a) Tonga (old)- and (b) Peru (young)-

type slabs, surrounding ambient mantle, and the most dense (basalt) and least dense

(harzburgite) slab components. The mean densities have been calculated at spe-

cific depths that are shown by symbols so that the density variations between two

successive steps have been smoothed out.

mean density of basalt at ∼700 km depth must be higher than that

obtained by the projection of the � vs. Z trend because of the appear-

ance of new denser phases (Hirose et al., 1999, 2005), which have

not been included in our calculations, as discussed above. The mean

densities of the different slab components and of the slab as a whole

are calculated at six different depths that are indicated by symbols.

As should be evident from the detailed calculation of density pro-

files of different components of the Tonga slab (Fig. 9) along selected

thermal profiles, the density jumps between 370 and 500 km have

been smoothed out in the calculations shown in Fig. 10. In other

words, the density profiles of different units within 370 and 500 km

depths represent roughly their respective average profiles.

Since a slab is denser than the ambient mantle at all depths down

to 660 km, the negative buoyancy force would tend to cause sinking

of the slab into the lower mantle unless it is resisted by such fac-

tors as viscosity jump at 660 km depth, metastable persistence of

olivine (Tetzlaff and Schmeling, 2000) and the dynamics of slab roll

back. Bina (1996) has calculated the local buoyancy of a subducting

slab as a function of depth due to thermal deflection and polymor-

phic transition of olivine → Wads → Rng, and its contributions to

stresses in subducting lithosphere. We, however, calculate the net

buoyancy of the entire slab. We first calculate the depth to which

a slab would need to penetrate into the lower mantle to achieve

neutral buoyancy, if the formation of higher density assemblage

in the slab is inhibited by kinetic factors and the different compo-

nents of the slab are mechanically coupled. We then consider the

experimental data on reaction kinetics to evaluate if the slabs could

actually achieve a state of neutral buoyancy within the lower man-

tle or would continue to sink once it breaks through the 660 km

discontinuity.

The depth to neutral buoyancy of a slab is obtained by equat-

ing the total weight of the slab with that of the displaced upper

and lower mantle materials. Assuming that a slab behaves as a

mechanically coherent unit, we derive

Zls = −
Zus(��̄u)

��̄l
(1)

where Zls is the vertical distance (positive downwards) that a slab

penetrates into the lower mantle, Zus is the vertical length of the

slab in the upper mantle, and ��̄ is the difference between the

mean densities of the slab and the adjacent ambient mantle in the

upper (u) and lower (l) zones. Zus is taken to be 580 km, which is

the depth of the lower mantle (660 km) minus the thickness of the

slab (80 km).

The quantity ��̄u is given by
∑

(��i�Zi)/580, where �Zi is

a discrete vertical length segment of a slab and ��̄i is the mean

density difference between the slab segment and the ambient man-

tle. This procedure yields ��̄u (Peru) = 0.036 and ��̄u (Tonga) =

0.041 gm/cm3, assuming that the effects of thermal deflection

and compositional difference up to the 370 km depth causes a

density difference between a slab and the surrounding mantle of

0.03 g/cm3. This assumption is based on the results of our calcu-

lation on the density difference between a slab and surrounding

mantle at the 640 km depth, where there is no phase transforma-

tion in any lithologic unit. The quantity in the denominator of Eq.

(1) is assumed to be given by the density of a slab minus that of the

lower mantle at 670 km depth (Fig. 10). Densities of a slab and the

lower mantle change as function of depth. However, as long as there

is no phase transformation in the subducting slab and the lower

mantle below 670 km depth, the densities should change quite sim-

ilarly in response to increasing P–T condition so that ��̄l should

remain approximately constant, at least until the depth to neutral

buoyancy. With these data and assumptions, we obtain Zls(Peru:

young) ∼ 100 km and Zls(Tonga: old) ∼ 125 km.
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Mosenfelder et al. (2001) have addressed the problem of

metastable survival of olivine within slabs of different vertical

descent velocities and ages on the basis of the thermal structures

of slabs and experimental data on the kinetics of transformation

of olivine to wadsleyite and ringwoodite. From their analysis, we

find that there is essentially no kinetic hindrance to the poly-

morphic transformation of Mg2SiO4 in the young Peru-type slabs.

However, olivine would persist metastably around the thermal

minimum of an old Tonga-type slab down to ∼600 depth. Seismic

data also suggest survival of a metastable olivine wedge (MOW) up

to 550–630 km within old subducting slabs such as those associ-

ated with the Pacific plate (Jiang et al., 2008), at Izu-Bonin (Iidaka

and Suestuga, 1992) and at Mariana (Kaneshima et al., 2007). Thus,

the depth to neutral buoyancy of the Tong-type slabs has been over-

estimated in the calculation presented above. Readjustment of the

density difference between the slab and mantle to account for a

MOW yields a depth to neutral buoyancy of ∼105 km within the

lower mantle. The readjustment of density was carried out by pro-

gressively reducing the density of the slab between 370 and 600 km

depth, using the data of Mosenfelder et al. (2001) on the volumetric

proportion of olivine that survives metastably as function of depth

in a Tonga-type old slab. Here we have ignored the fact that olivine

within a slab is somewhat denser than that in the ambient man-

tle at the same depth owing to the effect of thermal deflection.

Thus, the depth to neutral buoyancy within the lower mantle could

be somewhat greater than 105 km for the old Tonga-type slabs. In

summary, we conclude that essentially all slabs would attain neu-

tral buoyancy after they penetrate ∼100 km into the lower mantle

if the formation of perovskite bearing assemblage in the slabs is

kinetically inhibited until the time of attainment of neutral buoy-

ancy. (Note that the effect of greater thermal deflection on the

density of a Tonga-type cold slab relative to that of a Peru-type

young slab is largely offset by the presence of a MOW.) In the

following discussion, this kinetically controlled depth to neutral

buoyancy will be referred to simply as “depth to neutral buoyancy”

or “DNB”.

Kubo et al. (2002) have studied the kinetics of post-spinel

transformation in Mg2SiO4 at high P–T conditions. Their data

have not been presented in a form that permits calculation of

the extent of post-spinel transformation as a function of the

depth of penetration of a slab into the lower mantle. How-

ever, Kubo et al. (2002) illustrated the relationship between time

and temperature for 10% transformation at 1 (±0.5) GPa and 4.5

(±1) GPa over-pressure (�P) beyond the equilibrium boundary

of the spinel = perovskite + periclase reaction, as determined by

Irifune et al. (1998). From these data, one could infer whether or

not complete post-spinel transformation is likely to be achieved

within young and old slabs before these penetrate to the DNB.

The equilibrium P–T boundary for spinel to Mg-perovskite plus

Mg–Wu transition has recently been revised by Fei et al. (2004).

However, in order to be consistent with the presentation of kinetic

data of Kubo et al. (2002), we determine the temperature and depth

of the thermal minimum within a slab where a specific �P value

is achieved by comparing the P–T trajectory of the thermal min-

imum with the P–T data of Irifune et al. (1998) for the spinel to

Mg-perovskite plus Mg–Wu transition. Thus, we find that for a

young Peru-type slab, the temperature at the thermal minimum for

�P = 1 GPa is ∼960 ◦C (Z ∼ 675 km or 85 km above the DNB) and that

for �P = 4.5 GPa is ∼1000 ◦C (Z ∼ 755 km or 5 km above the DNB). At

these conditions, 10% post-spinel transformation is achieved at ∼14

days and ∼20 h, respectively. For an old Tonga-type slab, no signifi-

cant post-spinel transformation could be achieved at �P = 1 GPa, as

noted by Kubo et al. (2002), but at �P = 4.5 (±1) GPa, the temper-

ature is ∼655 ◦C and Z ∼ 780 (±20) km, which is, within errors, the

same the DNB. At this condition, 10% transformation is achieved at

∼15 yrs (that corresponds to the time taken by the slab to descend

by ∼2.3 m in vertical distance).

Although the data of Kubo et al. (2002) are not adequate for

calculation of the time scale of ∼100% post-spinel transformation,

the above calculations suggest that complete transformation would

certainly be achieved in young slabs, and very likely in the old slabs

as well, much before they penetrate to the DNB. Consequently, the

slabs would remain negatively buoyant and continue to subduct

into the lower mantle. In other words, once a slab penetrates into

the lower mantle, it seems destined to descend all the way to the

core-mantle boundary. Indeed, Grand et al. (1997) and van der Hilst

et al. (1991) show tomographic images that suggest sinking of some

slabs to the base of the lower mantle. (The recently discovered post-

perovskite transformation (Murakami et al., 2004; Oganov and Ono,

2004), which should take place in the mantle at ∼2700 km depth,

has positive P–T slope, and would thus enhance the buoyancy force

for a slab’s descent.)

5.2. Coupling density profiles with scale model experiments

Using viscous fluid experiments scaled to mantle conditions,

Kincaid and Olson (1987) carried out a variety of descending slab

experiments to evaluate the combined effects of density variation,

viscosity jump, ridge boundary condition (fixed vs. free) and trench

migration. A minimum viscosity contrast of 103 between the slab

and lower mantle was needed to maintain tabular shape during

subduction. Kincaid and Olson (1987) found that the behavior of the

slabs at the 660 km discontinuity could be related to a normalized

slab density anomaly, R, which is given by

R =
�s − �lm

��u
(2)

In the scale model experiments, each unit (slab, upper layer and

lower layer) had uniform properties. It was found that if R > 0.5, the

slabs in the experimental system penetrate into the lower layer as

fairly undeformed units, whereas if R < −0.2, slabs with dip angles

of 40–48◦ bend at the top of this layer when there is a viscosity

jump of a factor of ∼11 along with a fixed ridge boundary condition

(that leads to trench migration or slab roll back), followed later by

subduction at a slower rate. Partial direct penetration was observed

with the same viscosity jump and R value for free ridge boundary

condition and dip angle of 58–86◦.

To use the results of the scale experiments, we use average den-

sity (�̄) values for each unit in Eq. (2). Furthermore, we use the

density of a slab at the 500 km depth as its mean density (which is

roughly the mean slab density within the transition zone), since we

have not carried out detailed calculations of the density structure

of a slab at Z < 370 km depth. Taking into account the problem of

metastable survival of olivine in cold slabs, this procedure, which

obviously overestimates the value of R, yields R < −7.0. (Note that

in the absence of perovskite forming transitions within a slab, the

quantity in the numerator of Eq. (2) is negative.) Thus, provided

that the scale model experiments adequately captured the dynam-

ics of the slab–mantle systems, our calculations suggest that any

slab with dip angle of 40–50◦ would bend at the 660 km disconti-

nuity, if there is a viscosity jump of at least by a factor of ∼11 and

trench migration. Note that smaller the dip angle, the easier it is for

a slab to flatten at the 660 km depth.

The scale model experiments were not carried out at a suf-

ficiently wide range of conditions to enable us to evaluate as

to what extent the above conditions may be relaxed and still

have deflection/flattening of a slab at the 660 km depth. A slab

that is deflected at this depth would eventually sink into the

lower mantle due to negative buoyancy force, especially after a

period of thermal relaxation leading to transformations to per-
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ovskite. Thus, as emphasized by Griffiths and Turner (1998),

seismic tomographic images of patches of horizontal slabs at the

660 km discontinuity should not be interpreted to imply that

those slabs would not eventually penetrate into the lower man-

tle.

6. The fate of basalt and harzburgite layers

As illustrated in Figs. 9 and 10, the top basalt layer of both old

(Tonga-type) and young (Peru-type) slabs is denser than the ambi-

ent mantle and other components of the slab down to 660 km

discontinuity. At the 660 km discontinuity, the basalt layer has

approximately the same density as that of the lower mantle. Thus,

unlike what has been advocated earlier (Anderson, 1989; Irifune

and Ringwood, 1993), our calculations do not seem to suggest “peel-

ing off” of the basalt layer by buoyancy force from the rest of a slab,

leading to the formation of “perched eclogite” or “piclogite” layer

within the transition zone. Under conditions that a slab penetrates

directly into the lower mantle, the top basalt layer of the slab would

also do so. The tendency of the basalt layer to sink into the lower

mantle is further enhanced by the formation of Al-rich perovskite at

∼720 km depth (Hirose et al., 1999) once the slab has reached this

depth (additional transformations to denser phases in the MORB

composition at greater depths have been reported by Hirose et al.,

2005). Hoffmann and White (1982) envisioned separation of the

basalt layer from the rest of the slab, and subsequent sinking to

the base of the lower mantle. Our density data are compatible with

this model. However, whether or not a denser basalt layer separates

and sinks into the lower mantle as a separate unit would depend

on the extent of mechanical coupling between the basalt and the

underlying harzburgite layers.

Previous studies have shown that the thermal deflection of the

olivine/wadsleyite and ringwoodite/perovskite equilibrium phase

boundaries have a controlling influence on the state of stress in

the slab, subduction rates, and the fate of slabs as they come in

contact with the lower mantle (e.g., Bina, 1996; Bina et al., 2001).

Such studies have generally not considered the influence of the

phase evolution of the individual slab components. The present

study suggests a significantly denser basalt layer, compared to the

rest of the slab, and a relatively low density harzburgite layer.

These density contrasts could have a profound influence on slab

dynamics, especially as the lower mantle is approached. Does the

significant density contrast between basalt and harzburgite layers

(Figs. 9 and 10) cause the slab to grossly deform upon contact with

the lower mantle? How would such deformation influence the state

of stress throughout the entire slab and affect subduction rates?

While these questions are beyond the scope of the present study,

the results presented here provide new constraints on the phase

and density structure of subducting slabs that should help future

analyses to address these issues.
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